A global hybrid coupled model is developed, with the aim of studying the effects of ocean- 
I. INTRODUCTION
Since the pioneering work by [1] on a conceptual model of the thermohaline circulation, the problem of the stability of the Atlantic Meridional Overturning Circulation (AMOC) has become one of the main issues in climate research. A collapse of the AMOC is often used to explain abrupt changes in past climate records. In recent years, a possible AMOC collapse in response to increased freshwater forcing in the northern North Atlantic, expected as a consequence of global warming, has been identified as a low probability but high risk future climate event [2] [3] [4] .
An abrupt collapse of the AMOC, in response to a quasi-equilibrium increase in freshwater forcing in the North Atlantic, has been reported in different ocean and climate models of intermediate complexity (EMICs) [5] . This implies a non-linear response of the ocean to the freshwater forcing, with a sudden collapse of the overturning above a threshold value of the freshwater forcing. The EMIC results are challenged by the model experiments of [6] and by IPCC-AR4 general circulation model (GCM) results, as analysed in [7] . In the latter, it is found that the AMOC strength decreases approximately linearly in response to a CO 2 increase according to the SRES-A1B scenario and there is no collapse. It must be noted that the simulations to detect possible multiple equilibria regimes of the AMOC in these GCMs have not been done. The near-linear response to the gradual freshwater flux perturbation as found in [7] does not rule out the possibility of a sudden collapse with a stronger freshwater flux.
However, from the GCM results it has been suggested that the existence of a multiple equilibria regime is an artifact of ocean-only models, and in particular of poor (or absent) representation of ocean-atmosphere interactions. In an ocean-only model, the salt advection feedback is the central feedback affecting the stability of the AMOC. When an atmosphere is coupled to the ocean model, other feedbacks, due to the ocean-atmosphere interaction, become relevant. The effect of these feedbacks may eventually overcome the effect of the salt-advection feedback, and remove the multiple equilibria found in ocean-only models and EMICS.
In some models, the response of the atmosphere to AMOC changes may indeed act to stabilise the present day AMOC [8, 9] . In particular, the southward shift of the intertropical convergence zone would enhance the surface salinity of the Atlantic north of the equator, Our aim here is to develop a global HCM that includes all the main atmosphere-ocean feedbacks relevant for the stability of the AMOC, in an approach that focuses on the quasisteady state behaviour rather than on variability. As we want to follow an approach as general as possible, we regress all the surface fluxes pointwise on SST . Since the SST variability has a typical extent ranging from regional to basin scale, the atmosphere-ocean interaction is roughly captured by this local approach. In the HCM, two linear perturbation terms dependent on SST are added to the climatology of the forcing fields of the ocean model. A term depending on the local SST anomaly represents the atmosphereocean feedbacks that are acting in a statistical steady state. The large-scale changes in the surface fluxes due to the collapse of the AMOC can not be described by these local regressions alone, but are included through a second linear term that depends on the anomalous strength of the overturning circulation itself, measured through the NH annual average SST anomaly. Taken together, the local-and large-scale terms give a simple representation of the atmospheric feedbacks which play a role in the stability of the AMOC.
As a demonstration of concept, our regressions are based on the output of an EMIC (described in section II). The linear atmospheric feedback representations are presented in section III with results in section IV. The performance of the HCM is compared to the one of the original EMIC in section V. With both local and large-scale regression terms, the HCM captures the changes in atmospheric fluxes in response to AMOC changes. The advantages of the HCM over the EMIC are that (i) a more than ten fold decrease in computation time is achieved and (ii) it gives the possibility to selectively investigate the effect of different physical processes on the stability of the AMOC separately.
II. THE EMIC SPEEDO
The HCM is constructed from data of the EMIC SPEEDO [22] , an intermediate complexity coupled atmosphere/land/ocean/sea-ice general circulation model. The choice for an EMIC is motivated by the fact that multi-thousand year runs are needed to construct the HCM, which is at the moment not feasible with a GCM.
The atmospheric component of SPEEDO is a modified version of Speedy [23] [24] [25] [26] [27] , an atmospheric GCM, having a horizontal spectral resolution of T30 with a horizontal Gaussian latitude-longitude grid (approximately 3
• resolution) and 8 vertical density levels. Simple parameterisation are included for large-scale condensation, convection, radiation, clouds and vertical diffusion. A simple land model is included, with three soil layers and up to two snow layers. The hydrological cycle is represented with the collection of precipitation in the main river basins and outflow in the ocean at specific positions. Freezing and melting of soil moisture is included.
The ocean model component of SPEEDO is the CLIO model [28] . It has approximately a 3
• × 3
• resolution in the horizontal, with 20 vertical layers ranging in resolution from 10 m to 750 m from the surface to the bottom. The horizontal grid of the ocean model is curvilinear, and deviates from a latitude-longitude one in the north Atlantic and Arctic basins to avoid the singularity of the north pole. A convective adjustment scheme, increasing vertical diffusivity when the water column is unstably stratified, is used in the model. LIM sea-ice model is included in CLIO [20] . A coupler provides the boundary conditions to the components, and performs the interpolations between the different ocean and atmosphere model grids in a conservative way.
Studies conducted both with an EMIC [29] and with a fully implicit ocean model [30] showed the fundamental role of the salinity budget at the southern boundary of the Atlantic ocean in determining the response of the AMOC to freshwater anomalies [31] . The value of the net freshwater transport by the overturning circulation at 35
is likely a control parameter that signals the coexistence of two stable equilibria of the AMOC. If M ov is positive, the AMOC is importing freshwater into the Atlantic basin and only the present-day "ON" state of the overturning is stable. If M ov is negative, freshwater is exported out of the basin by the AMOC, and a second stable "OFF" state of the AMOC exists, with reversed or no overturning in the Atlantic ocean.
In the equilibrium solution of SPEEDO, the Atlantic basin integrated net evaporation is overestimated both with respect to most other models and to the few available observations [31] . Furthermore, the zonal gradient of salinity in the south Atlantic is reversed too, with a maximum on the eastern side. The high evaporation over the basin, combined with the low freshwater import by the gyre due to the reversed zonal salinity profile, force the overturning circulation to import freshwater (M ov = 0.29 Sv) in order to close the budget. For these reasons, a small freshwater flux correction is needed in the model for the purpose of our study, since we are interested in the feedbacks connected with a permanent collapse of the AMOC. Following the example of [29] , a freshwater increase is applied over the eastern Atlantic, from the southern boundary to the latitude of the Gibraltar strait, summing up to 0.2 Sv. A dipole correction is applied over the southern gyre to reverse the zonal salinity profile, with a rate of 0.25 Sv [42] . All the corrections are performed as a virtual salt flux, keeping the global budget closed with an increased evaporation in the tropical Pacific and Indian oceans. As a consequence of these corrections, the net freshwater transport of the AMOC at the southern boundary of the Atlantic basin becomes negative (M ov = −0.069 Sv). As proposed in [29] and [30] , this situation may allow the coexistence of 
where ρ sa is the surface air density, c p and L H are the specific heat of air and the latent heat of evaporation, respectively, and C H is a heat exchange coefficient, a model parameter depending on the stability properties of the boundary layer. The parameterisation of the radiative fluxes are more complex. For the short-wave (Φ SW ) and long-wave components (Φ LW ), two and four frequency bands are used, respectively. Transmittance is computed for each band separately, taking into account air density, water content and cloud cover. The total non-solar heat flux (Φ Q ) is just the sum of the different components:
Separate parameterisation are used for precipitation due to convection (Φ P cv ) and to largescale condensation (Φ P ls ). River runoff (Φ R ) is provided by the land model. The net evaporation (Φ E ) can then be computed as:
The wind-stress vector is computed as:
where C D is a drag coefficient.
III. LINEAR REGRESSIONS
Our aim is to capture the changes in the atmospheric forcing connected with the changes in the ocean state, that is the atmospheric response to a collapse of the AMOC. As motivated in the introduction, we assume that these atmospheric feedbacks can be expressed as functions of SST alone. First, the feedbacks that keep the system in a statistical equilibrium state are always present, and are expressed in our case as a function of local SST . They To provide the simplest description of the changes taking place at the ocean-atmosphere interface, the first order approximation is the addition of a linear perturbation term to the climatology of surface atmosphere-ocean fluxes. In particular, we consider a linear regression on SST . This approach is clearly limited, but it is an approximation that gives a consistent representation of the large-scale feedbacks. The results can be successfully used as boundary conditions for the ocean-only model, as will be shown below.
To force the ocean model, we need five surface fluxes: non-solar heat flux (that includes long-wave radiation, latent and sensible heat fluxes), short-wave radiative heating, net evaporation, zonal and meridional wind-stresses. The incoming short-wave radiation is not regressed, and only its average seasonal cycle is retained, since its response to SST is completely mediated through a cloud cover response that is not well represented in the Speedy model [22] .
Two linear models are used for regressing data from CLIM and PULSE. The CLIM data is fitted with:
where φ ∈ Φ Q , Φ E , Φ U is a particular surface flux field to be regressed, p 1 is the model parameter field to be fitted, i (j) is the grid index in the east-west (north-south) direction and the overbar indicates a time average. Monthly data is used in the fit of CLIM data to represent the seasonal cycle. Note that this formulation is a local regression, by which we mean a regression between quantities that belong to the same grid cell of the model.
The natural variability signal caught by regressions from equation (5) is removed from PULSE data. Only the first 100 years of PULSE are used, since we are interested in the response that can approximately be considered linear. The residual signal φ r (i, j) can then be regressed with a second linear model:
where the symbol N H denotes the average over the NH. In this case the regressor is, for all grid cells, the yearly average SST in the NH, a good indicator of the state of the AMOC [9] , as figure 1 suggests (bottom panel, dashed line). Yearly mean data is used for the fit of PULSE. It must be stressed that the last term of equation (6) is the average NH SST for the CLIM run, since we are interested in the deviation from the equilibrium state.
Consequently, the intercept is set to zero, since the terms involving p 2 need not to have an effect when the climate is in a neighbourhood of CLIM.
All the regressions are computed with the lm (linear model) function provided in the R statistical software, version 2.8.0 [32] . The regressions are computed through a least square technique, and we require a statistical significance higher than the 95 percentile, discarding all the fits with a p-value (provided by lm itself) higher than 0.05. This equals to discarding a fit if the probability of having the same result using random data is higher than 5%.
When this occurs the fit is considered unsuccessful, and only the climatological value of CLIM (φ(i, j) in equation (5)) is kept and both p 1 (i, j) and p 2 (i, j) are set to zero. The output of the fitting procedure shows very weak sensitivity to the chosen significance level.
The same regression procedure was applied also to the output of the uncorrected original SPEEDO model. The results obtained from the two models, with or without freshwater flux corrections, are consistent on both qualitative and quantitative grounds. A partial exception is the southern ocean and the Labrador sea, where the strength of the feedbacks is different. An analysis of these differences is beyond the scope of the present study, but may be associated with changes in sea-ice cover in the two models.
We now give the formulation of the boundary conditions for the ocean-only model to be forced by our "climatology with feedbacks". The surface heat flux into the ocean is computed as a combination of the regressions and a restoring term to the climatology:
where p
are the local and large-scale regression parameters for the heat flux, ρ sa and V 0 (i, j) are fixed climatological values and the relaxation time τ is chosen to be 55 days for the ocean, consistently with the bulk formula of the coupled model of equation (1).
The net evaporation flux is computed in three steps. First, the deviations from the climatological values, δΦ E , are computed at each grid cell:
are the regression parameters for the net evaporation flux. Then, the global integral of the deviations, ∆Φ E , is computed on the model grid and the budget imbalance is set to zero. The total freshwater flux reads then:
where Σ is the ocean surface area.
For the wind-stress vector, only the output of the regressions is used:
are the vectors of the regression parameters for local and largescale regressions respectively, for the two components of the wind-stress. Over sea-ice, a fixed climatology of air-ice fluxes is used. When sea-ice is present, weighting is applied by the model to the surface fluxes multiplying by the fractional ocean area (1 − ε(i, j)), where ε(i, j) is the fractional sea-ice cover of the cell.
The technique described returns the rate of change of the field with SST or SST N H only in those areas where a linear regression is statistically significant. Furthermore, setting the regression parameters to zero still leaves a constant climatology that can be used as boundary condition for the ocean model. We thus have the complete control over which feedbacks are acting at the ocean-atmosphere interface, and we can selectively investigate their individual or collective effect.
IV. RESULTS

A. Local regressions
The fitting procedure for CLIM data is generally successful and the results of the regressions on CLIM data are reported in figures 2 and 3.
In figure 2, the average value of the regressed fields is reported (φ(i, j) in equation (5)). For all the regressed fields, the contribution to the fluxes of the local regression terms can be important compared to the average value, in particular at the western boundaries and outside the equatorial and polar regions. This is clear when we consider the SST variability on a daily basis; the root of the variance is well above 1
• C everywhere in the subtropical and subpolar ocean, with peak values of about 7
• C close to the NH western boundaries (not shown).
The linear regressions only capture part of the natural variability of CLIM fluxes, but the error is generally lower than 10% of the original field over a major part of the ocean (not shown).
Apart from the standard damping on SST that also operates in ocean-only models driven by a prescribed atmosphere, the atmospheric control over the atmosphere-ocean heat flux counteracts this damping in many regions, in particular in the tropics and at high latitudes A plausible explanation of this positive heat feedback, at least at low and mid latitudes, is given by the convection-evaporation feedback mechanism as proposed by [21] . There is a strong resemblance between the patterns of increased convective precipitation and those of weaker latent heat loss at higher SST . This suggests that, in the tropical and subtropical areas where a positive heat flux feedback is observed, a positive SST anomaly is associated with anomalous convergence of wet air that both contributes to the reduction of evaporation [43] and enhances precipitation if convection is triggered. Regression of surface pressure on SST also supports this hypothesis, since higher SST s correlate with lower surface pressure in the tropical and subtropical areas. Regarding net evaporation (figure 3 b), a weak increase is observed at higher SST over most of the ocean. On the contrary, in most of the tropical areas the increase in convective events leading to increased precipitation dominates the freshwater feedback (basically, the blue areas of figure 3 b), as discussed above.
In the case of wind-stress, a decreased magnitude is observed in connection with higher SST (compare figure 3 c and d with the mean fields of figure 2). The term |V 0 | of equation (1) is regressed on the local SST , confirming that over most of the ocean at low and mid latitudes lower than average winds are observed in association with higher than average SST s (not shown), implying lower heat transfer through the interface. The correlation decreases moving poleward and the mechanism involved is basically the wind-evaporation feedback [19] , that connects higher evaporation (lower SST ) with stronger winds. The fact that we do not observe stronger winds where an increase of convective precipitation is found is not surprising, since the parameterisation of convection does not affect the horizontal wind field [23] . 
B. Large-scale regressions
Moving to the results of large-scale regressions, it must be kept in mind in the interpretation of the results that the fit is performed only on the residuals of local regressions, not on the full data of PULSE and that the fit is performed on a decreasing quantity, the NH average SST .
The collapse of the AMOC causes a decrease in the NH average SST of about 1.2 • C. A weaker change of opposite sign is observed over the Southern Ocean (approximately 0.4
This NH-SH temperature dipole is a robust feature of different models, and is connected with lower northward heat transport in the Atlantic ocean, as already found in [9] . 
2 is simply ∂φ Q /∂ SST N H while the effective parameter is:
The second term on the right hand side of equation 12 describes the changes in sea-ice cover in response to SST changes. This term is larger than the first term over most of the Northern North Atlantic. Sea-ice cover changes determine the sign change in the large-scale heat to the east). The impact on AMOC stability of wind-stress feedbacks has been investigated in the recent paper by [11] , where a simple zonally averaged atmospheric model was used.
Even though it is quite difficult to compare their results with the results from a GCM like SPEEDO, the general picture is similar. The atmospheric circulation in the NH is strengthened, while the opposite is true for the SH. The magnitude of the changes in SPEEDO is close to their lowest estimates.
V. HCM TEST
The HCM consists of the ocean component of SPEEDO (i.e., CLIO) and the dynamic 
where t is time, a 1 , . . . , a 4 are the fit parameters, and B is a constant background that represents the state of the system at infinite time. The theoretical equilibrium state computed from this procedure is 0. figure 7 ) is M ov = −0.06 Sv. To keep M ov < 0, the freshwater corrections described in section II are 50% stronger than in the fully coupled model.
To investigate the origin of the changes in the AMOC strength, we diagnose the surface fluxes of density for the CLIM and regCLIM runs. The surface density flux Φ ρ can be estimated using the formula [39, 40] :
where α = −1/ρ 0 (∂ρ/∂T ), β = 1/ρ 0 (∂ρ/∂S), Φ H is the total surface heat flux into the ocean As a final test, a pulse experiment was performed in the HCM. In this test, that will be shorthanded as regPULSE, we apply the same freshwater anomaly as in PULSE (see section III), also increased by 50% as the corrections already applied in regCLIM. The initial conditions for regPULSE are provided by the final state of regCLIM: year 5200 of figure 7 . In regPULSE, as in PULSE, the anomaly is applied for 1000 years, letting the model reach a new equilibrium afterwards. We focus our analysis on the response of the system during the first hundred years of the run, where the regressions are expected to be significant.
The AMOC maximum for regPULSE is reported in figure 11 as a dashed line. The response of the AMOC in regPULSE, when measured by this quantity, follows closely the one in PULSE. The only substantial differences are its lower initial condition and the weaker variability of the regPULSE signal. The weaker variability of regPULSE signal is no surprise, considering the fact that our regressions do not add any high frequency variability to the system, depending only on SST .
Looking at the entire overturning streamfunction of the Atlantic, the results are also As a final remark, we want to stress that our technique to design the HCM is general.
We do not rely on any ad-hoc assumption connected with the nature of the EMIC that was used for this work. Table I : List of the model runs described in the text. in Sv.
